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Abstract An increasing number of proxy records, which
are related to changes in the hydrological cycle, have
been collected for climate reconstructions of the last
millennium. There has been, however, little attempt to
test climate models with such proxy records or to inter-
pret proxy records using climate model simulations. In
the present study, we analyze the hydrological changes
between three diﬀerent types of experiments: a present-
day control, a perpetual AD 1640, and an ensemble of six
transient Maunder Minimum (AD 1640–1715) simula-
tions. Atmospheric moisture transport is investigated in
terms of contributions of speciﬁc humidity and circula-
tion changes. The study points out the importance of the
speciﬁc humidity contribution to changes in moisture
transport reﬂected in hydrological proxy records. The
moisture budget of the western tropical Paciﬁc is also
investigated to aid the interpretation of a proxy record in
this speciﬁc region. The present-day freshening of the
western tropical Paciﬁc, compared to the Maunder
Minimum, is explained by the increased zonal moisture
transport via trade winds, mainly due to the increased
amount of atmospheric water vapor content in the
warming world. Due to the existence of several uncer-
tainty factors, such as forcing reconstructions, the link
between the model simulations and proxy records is,
however, not deﬁnitive, but the thermal contribution to
hydrological proxy records is important and not limited
to the Maunder Minimum period.
1 Introduction
Large eﬀorts have been made in reconstructing climate
over the last millennium (Jones et al. 2001; Bradley et al.
2003; Jones andMann 2004; Osborn and Briﬀa 2006). As
the existence of instrumental records with a reasonably
large geographical coverage is limited back to 150 years
ago or so (Jones et al. 1999; Folland et al. 2001),
reconstructions are based on proxy records for most of
the millennium. Although some reconstructions of global
or hemispheric mean temperature disagree with respect
to the low-frequency component of the variability (Mann
et al. 1999; Esper et al. 2002; von Storch et al. 2004;
Moberg et al. 2005), they all support the detection of the
recent climate change in that the late twentieth century
warming is not consistent with the variability caused by
natural factors alone (Bradley et al. 2003; Jones and
Mann 2004; Osborn and Briﬀa 2006). While the principle
and hence the validity of the formal detection and attri-
bution of climate change are not constrained by details of
the past climate evolution, they do rely on assumptions
that the models simulate realistically internal variability
and response to external forcing in both magnitude and
spatial patterns (Mitchell et al. 2001). The climate of the
last millennium is little aﬀected by various anthropogenic
factors for the most part, and hence provides a good
opportunity to test such assumptions, if we know the
forcing with a reasonable accuracy.
Unfortunately, there is a large uncertainty in the
forcing history of the last millennium. Probably the most
up-to-date uncertainty estimate in forcing between
the Maunder Minimum (ca. AD 1645–1715, Eddy 1976)
and present-day is given by Rind et al. (2004).
They estimated the uncertainty of a factor of 8 in solar
forcing and a factor of 2 in anthropogenic forcing. The
reconstruction of volcanic forcing during the Maunder
Minimum by Crowley (2000) is generally 2–3 times
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larger than that of Robertson et al. (2001), and some
signiﬁcant volcanic events in one reconstruction are
missing in the other (cf. Fig. 6 in Schmidt et al. 2004).
Even for the relatively well-monitored 1991 Mount
Pinatubo eruption, the radiative forcing estimated by
Andronova et al. (1999) is about 1.5 times larger than
that by Hansen et al. (2002).
In addition to thermal proxies, there is a growing
number of proxy records which are related to changes in
various components of the hydrological cycle (Jones and
Mann 2004). However, climate model simulations have
not yet been tested with such proxy records nor have they
been used to interpret proxy records. It was demonstrated
that, under weak external forcing such as that during the
Maunder Minimum, the ratio between the externally
forced signal and internally generated variability is small
on regional scales, and it is often diﬃcult to distinguish
them (Yoshimori et al. 2005). Due to the chaotic com-
ponent of internal variability, it is not realistic to antici-
pate that models reproduce the exact variability
registered in proxy records. Therefore, in model-data
comparison it is desirable to alsomake use of information
of spatial variations (Shindell et al. 2001a). The spatial
reconstructions are, however, still very rare (e.g., Mann
et al. 1999; Luterbacher et al. 2002, 2004) due to the
limitations of proxy records such as poor spatial cover-
age, limited temporal resolution, and dating uncertainty.
Due to the uncertainties in forcing and reconstruc-
tions, the consistent combination of forcing, mechanisms,
and climate reconstructions currently represents a grand
challenge. Nevertheless, an attempt to link the forcing
and reconstruction, using a numerical model, is made
here, rather than waiting for the emergence of deﬁnitive
forcing data and the consensus on the climate recon-
structions. The purpose of this paper is to present an
overview of hydrological cycle changes in the Maunder
Minimum simulations and to provide a general insight
into the interpretation of hydrological proxy records. The
presented results are obtained with a relatively-new cou-
pled atmosphere–ocean general circulation model
(AOGCM). However, it should be stressed that only one
of many possible forcing scenarios is examined here.
Special attention is directed to the western tropical
Paciﬁc sea surface salinity changes which can be detected
in coral records (Hendy et al. 2002). This serves as a
more speciﬁc case study as it appears to represent rela-
tively large-scale hydrological variability. Sea surface
salinity in the western tropical Paciﬁc exhibits persistent
high values between the late sixteenth and mid-nine-
teenth centuries with a possible enhancement around the
Maunder Minimum. This multi-century salinity anomaly
approximately coincides with the so-called Little Ice Age
(LIA), a prolonged cold period in the North Atlantic–
European regions (Bradley and Jones 1993; Broecker
2000). Note that the global extent of the LIA is debated
(Bradley et al. 2003; Jones and Mann 2004). The in-
creased salinity is followed by a rather abrupt freshening,
and low salinity continues till today. As brieﬂy stated in
Yoshimori et al. (2005), this is broadly consistent with
our Maunder Minimum ensemble simulations conducted
with an AOGCM. Hendy et al. (2002) hypothesized that
stronger latitudinal temperature gradients during LIA
intensiﬁed the Hadley circulation and increased the
meridional moisture transport from the tropics to higher
latitudes. They also speculated that LIA glacial expan-
sion may have been driven by the increased poleward
transport of water vapor from the tropical Paciﬁc. A
question arises as to the role of zonal moisture transport
changes, because the magnitude of the moisture trans-
port in the zonal direction is generally large near the
tropics. Therefore, we evaluate the moisture budget of
the region in the AOGCM simulations. Given the
uncertainties in forcing alone, however, it is not possible
nor our intention to disprove the original hypothesis.
Rather, we raise a possibility of an alternative interpre-
tation, which has a broad implication in understanding
hydrological proxy records in general. Additionally,
comparisons with other low-latitude hydrological proxy
records are discussed which reveal the potential and
limitation of the current model simulations.
The paper is organized as follows. Section 2 brieﬂy
presents the model description and experimental design.
The analysis method is described in Sect. 3. The results
are presented in Sect. 4, followed by the discussion and
summary in Sects. 5 and 6, respectively.
2 Model and experiments
The model used and the experiments performed are
same as those described by Yoshimori et al. (2005), to
which the reader is referred for details. The model is the
Community Climate System Model (CCSM) version
2.0.1 developed by the National Center for Atmospheric
Research (NCAR) (Kiehl and Gent 2004). The model
consists of atmosphere, ocean, land surface, and sea ice
components, and they are coupled without ﬂux correc-
tions. The resolution of the model is approximately 3.75
in both longitude and latitude in the atmosphere with 26
vertical levels, and approximately 3.6 and 1.8 in the
ocean with 25 vertical levels. Land and sea ice model
components share the same horizontal resolutions with
atmosphere and ocean, respectively. More detailed
descriptions of the model are available at the NCAR
CCSM web page (http://www.cgd.ucar.edu/csm/).
Three types of model simulations are conducted:
present-day control (CTRL), steady Maunder Minimum
(SMM), and transient Maunder Minimum (TMM)
simulations. In the CTRL and SMM simulations, per-
petual AD 1990 and 1640 forcings are applied, respec-
tively (see Table 1 in Yoshimori et al. (2005) for actual
forcing used). The equivalent radiative forcing in the
SMM simulation relative to the CTRL simulation is
about 2.5 Wm2. More than 85% of the diﬀerence is
due to lower concentrations of well-mixed greenhouse
gases (GHGs) and the rest is due to solar forcing. Other
anthropogenic forcing agents are not included and
constitute a large source of uncertainty, e.g., the indirect
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eﬀect of aerosols (Rind et al. 2004). The detailed dis-
cussion on the forcing uncertainty and its implication for
the results are given in Sect. 5. For the TMM simula-
tions, a time-varying forcing from AD 1640 to 1715,
which includes the eﬀect of solar activity and major
volcanic eruptions, is imposed (Fig. 1). The volcanic
forcing data are adopted from Crowley (2000). The solar
forcing data are constructed based on Crowley (2000)
and Lean et al. (1992, 1995). Solar forcing time series
by Crowley (2000) is adjusted so that it yields approx-
imately 0.24% reduction in total solar irradiance
(TSI) during the Maunder Minimum relative to the
present-day, as suggested by Lean et al. (1992, 1995).
The magnitude of the reduction is rather arbitrary as the
current estimate in solar forcing reduction during the
Maunder Minimum ranges from about 0.05 to 0.4%,
although recent estimates tend to favor smaller reduc-
tions (Rind et al. 2004). Note that relatively similar
values are used in other studies: e.g., nearly identical
values in Zorita et al. (2004), reductions of 0.25% in
Rind and Overpeck (1993) and Rind et al. (1999), 0.35%
in Cubasch et al. (1997), and 0.2% in Rind et al. (2004).
The forcing is crudely represented in terms of changes in
TSI with an equal fractional change over the spectrum.
Representing the eﬀect of volcanic aerosols as a reduc-
tion of solar irradiance introduces some uncertainties in
high-latitude regional winter responses by not accurately
capturing the positive annular mode invoked by warm-
ing in the low-latitude lower stratosphere in the winters
following eruptions (Shindell et al. 2001a), while the
model does simulate the correct sign of annular mode
with a weak magnitude for diﬀerent reasons (Yoshimori
et al. 2005). The solar forcing gradually decreases from
1640 to 1688 by 1.30 Wm2 in TSI, followed by a con-
tinuous increase until 1715 by 0.47 Wm2. There are ﬁve
major volcanic events: AD 1641, 1667, 1674, 1681, and
1695. These volcanic forcing peaks range from 22.0 to
9.6 Wm2 in TSI. GHG concentrations are ﬁxed at the
level in AD 1640. Consequently, the TMM simulation in
any given year has a negative radiative forcing relative to
the SMM simulation. Six TMM ensemble members are
produced with slightly diﬀerent initial conditions but
identical boundary conditions.
3 Analysis method
We use conventional three-month seasons for the sea-
sonal averages, i.e., December–January–February (DJF),
March–April–May (MAM), June–July–August (JJA),
and September–October–November (SON). Three-
dimensional data are ﬁrst vertically interpolated from
hybrid sigma-pressure model coordinates to the 17 pres-
sure levels used in the NCEP-NCAR re-analysis dataset
before conducting the analyses, unless noted otherwise.
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Fig. 1 Top Solar irradiance imposed in the TMM simulations
representing gradual solar activity changes and volcanic eruptions.
Middle Simulated, annual mean tropical surface air temperature
anomaly between 20S and 20N. Here the anomaly is referred to
as the TMM simulations relative to the mean of the SMM
simulation. Bottom Same as in the middle, but for precipitation rate
anomaly. Gray lines represent each ensemble member in the TMM
simulations, and thick solid line represents the TMM ensemble
mean
Table 1 The annual moisture budgets of the CTRL simulation and
of the diﬀerence between SMM and CTRL simulations in the
western tropical Paciﬁc
Variable CTRL SMM–CTRL
Precipitation (P) 2,304.2 131.1
Evaporation (E) 1,813.5 56.2
P  E 490.6 74.8
FW 480.3 42.2
FE 1,126.1 130.3
FS 13.5 6.2
FN 133.9 6.0
FW  FE 645.8 88.1
FS  FN 147.5 12.2
FW  FE + FS  FN 498.3 75.9
The unit is 106 kg s1. 100 · 106 kg s1 corresponds to approxi-
mately 0.25 mm day1 in this region with the area of
33.9 · 106 km2. The dominant term in the lateral moisture ﬂuxes
is highlighted in bold. See Fig. 2 for the deﬁnition of the variables
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The moisture transport is calculated from the daily out-
put of the model. The change in hydrological cycle is
investigated with three main measures: meridional dis-
tribution of moisture, horizontal moisture transport, and
moisture budget of a speciﬁc region.
First, the zonal mean analysis is conducted to obtain
an overview of the hydrological response of the model to
external forcing. The meridional moisture transport is
investigated. The diﬀerence in the meridional moisture
transport between two experiments (e.g., SMM vs.
CTRL) is decomposed into the time-mean and transient
eddy components:
D vq½  ¼ D vq½  þ D v0q0 ; ð1Þ
where v and q are meridional velocity and speciﬁc
humidity, respectively, and D denotes the diﬀerence be-
tween the two experiments. The bar and square bracket
denote seasonal and zonal means, respectively, and the
prime denotes deviations from the seasonal mean. The
time-mean component is further decomposed into four
contributions:
D vq½  ¼ v½ D q½  þ q½ D v½  þ D v½ D q½  þ D vq½ : ð2Þ
The ﬁrst term on the right hand side represents the
change in meridional moisture transport due to the
change in zonal mean speciﬁc humidity alone, while
the second term represents the contribution of the
meridional circulation change alone. The third term
represents the covariance between the speciﬁc humidity
and meridional circulation, and the last term represents
the stationary eddy contribution. The covariance term
may be interpreted as the ampliﬁed moisture transport
due to the fact that both speciﬁc humidity and meridional
circulation may vary. This does not mean, however, that
there is a causal relationship between the two. The
decomposed seasonal terms are vertically-integrated and
averaged to obtain annual mean column-integrated
moisture transport. This decomposition method allows
us to address to what extent the change in zonal mean
meridional circulation, or the Hadley circulation, ac-
counts for the change in the meridional moisture trans-
port. In other words, it reveals the extent to which the
strength of the Hadley circulation can be inferred solely
from hydrological proxy records.
Second, the horizontal moisture transport is calcu-
lated to investigate the zonally asymmetric part of the
hydrological response to external forcing. As in the zonal
mean analysis, the diﬀerence in the horizontal moisture
transport between two experiments is decomposed into
the time-mean and transient eddy components:
D uq; vqð Þ ¼ D uq;vqð Þ þ D u0q0; v0q0 ; ð3Þ
where u is zonal velocity. The time-mean component is
further decomposed into three contributions:
D uq;vqð Þ ¼ u;vð ÞDqþ qD u;vð Þ þ DuDq; DvDqð Þ: ð4Þ
The ﬁrst and second terms on the right hand side represent
the contributions of changes in local speciﬁc humidity and
wind velocity, respectively, and the third term is the
covariance of the two. Note that the same decomposition
method was employed in Clement et al. (2004).
Third, the moisture budget of a speciﬁc region is
investigated. At the boundaries of the region, vertically-
integrated zonal and meridional moisture ﬂuxes are
calculated as follows (Fig. 2):
FW;E ¼  ag
Z/N
/S
Zpt
ps
uðk ¼ kW;E; /; pÞ
 qðk ¼ kW;E; /; pÞ  dp  d/;
FS;N ¼  a cos/g
ZkE
kW
Zpt
ps
vðk; / ¼ /S;N; pÞ
 qðk; / ¼ /S;N; pÞ  dp  dk;
ð5Þ
where ps and pt denote the pressure at the surface and
the top of atmosphere, respectively. k, /, and p are
longitude, latitude, and pressure, respectively, and a and
g are the radius of the Earth and gravitational acceler-
ation, respectively. Here the vertical integration is cal-
culated on the model coordinates without interpolation.
4 Results
In the following, most results are presented as the dif-
ference between the SMM and CTRL simulations
(SMM–CTRL), and the diﬀerence between the TMM
and SMM simulations (TMM–SMM). All presented
results are 75-year averages whose length is determined
by each TMM simulation unless noted otherwise. Multi-
decadal averages are taken to maximize the signal-to-
noise ratio, and to explore the gross features of the
Maunder Minimum. This does not mean that model
Fig. 2 Deﬁnition of horizontal moisture ﬂuxes at boundaries of a
speciﬁc region of interest. kW and kE denote longitudes at the
western and eastern boundaries, respectively, while /S and /N
denote latitudes at the southern and northern boundaries, respec-
tively. Similarly, FW and FE are the vertically-integrated eastward
moisture ﬂuxes at the western and eastern boundaries, respectively,
while FS and FN denote vertically-integrated northward moisture
ﬂuxes at the southern and northern boundaries, respectively
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responses are similar if a time-mean forcing is applied
instead of a time-varying forcing. To exhibit the ﬂavor
of the transient ensemble simulations, tropical temper-
ature and precipitation time series are shown in Fig. 1.
SMM–CTRL mainly represents the response to
anthropogenic GHGs or qualitatively the diﬀerence be-
tween the long-term pre-industrial mean and present-
day climate. On the other hand, TMM–SMM represents
the response to the external forcing unique to the
Maunder Minimum. Therefore, the diﬀerence between
the Maunder Minimum and present-day climate is given
as a sum of the two, i.e., (TMM–CTRL) = (TMM–
SMM) + (SMM–CTRL). In most cases, TMM–SMM
is an order of magnitude smaller than SMM–CTRL.
4.1 Meridional distribution of moisture
Zonal mean near-surface air temperature and diﬀerence
between precipitation and evaporation (P  E ) are
shown in Fig. 3. Zonal mean temperature in SMM–
CTRL exhibits globally colder temperatures with en-
hanced coolings in Polar regions (1.50C cooling on
global average, Fig. 3a). This increased meridional
temperature gradient with a stronger response in the
Northern Hemisphere is a well known feature of cli-
mate change forced by well-mixed GHGs. The high
latitude cooling is larger over the ocean due to in-
creased surface albedo and decreased heat exchange
between the atmosphere and ocean, associated with the
a b
c d
Fig. 3 Annual and zonal mean ﬁelds: a near-surface air tempera-
ture diﬀerence between the SMM and CTRL simulations; b P  E
(precipitation minus evaporation) diﬀerence between the SMM and
CTRL simulations; c near-surface air temperature diﬀerence
between the TMM ensemble mean and the SMM simulation; and
d P  E diﬀerence between the TMM ensemble mean and the
SMM simulation. Thick solid, thin solid, and thin dash-dotted lines
represent the zonal mean values over both land and ocean, only
over land, and only over ocean, respectively. Shading in a and b
represent 95% conﬁdence intervals for the estimate of the
population diﬀerences calculated with the Welch approximation
(Devore 1987). Shading in c and d represent ± 1 standard
deviation of the TMM ensemble members centered on its mean.
All shadings correspond to ‘‘land and ocean’’
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change in sea ice cover. In low latitudes, cooling over
the ocean is more pronounced near the equator than in
the subtropics (20), reducing the temperature gradi-
ent there. This response is consistent with changes in
the net shortwave radiation at the top of the atmo-
sphere and greenhouse eﬃciency: a decrease near the
equator and a slight increase in the subtropics. The
change in the net shortwave radiation is accompanied
by an increase in low-level cloud cover near the equator
(absolute change of +0.4%) and a decrease in the
subtropics (1.7%). On the other hand, the change in
greenhouse eﬃciency is accompanied by a decrease in
high-level cloud cover near the equator (0.5%) and an
increase in the subtropics (+1.0%). In addition to the
cloud feedback, water vapor feedback likely contributes
to the larger cooling near the equator than in the
subtropics. Zonal mean P  E in SMM–CTRL shows
a decrease in the tropics (5S) and high latitudes
(40–90) and an increase in the subtropics (10–
40) (Fig. 3b). This implies a reduced meridional
moisture transport from the subtropics to the tropics
and to high latitudes. The P  E change is more pro-
nounced over the ocean than over land, as expected
from the fact that the hydrological cycle is more active
over the ocean in the present-day climate. In addition,
the reduction of P  E over land is limited by the
availability of soil moisture. Note that the large in-
crease in P  E in northern high latitudes over the
ocean (70N) reﬂects a reduction of evaporation
associated with the change in sea ice cover.
Zonal mean temperature in TMM–SMM exhibits
consistent low-latitude cooling in all ensemble members
but a large ensemble spread in the high latitudes (0.13C
cooling on global average, Fig. 3c). Although all
ensemble members tend to show cooling in high lati-
tudes, the sign of meridional temperature gradient
changes is not clear, particularly in the Southern
Hemisphere. This may reﬂect the eﬀect of volcanic
forcing which typically cools low latitudes more eﬀec-
tively than high latitudes as shown in both observational
records and model simulations (Robock and Liu 1994;
Robock and Mao 1995). In addition, high latitudes are
characterized by large internal variability which could
result in the spread of the ensemble under the weak
forcing. For the same reason as for SMM–CTRL, the
cooling near the equator is slightly larger than in the
subtropics (20) over the ocean. Contrary to the tem-
perature, zonal mean P  E exhibits a small ensemble
spread (Fig. 3d). At a ﬁrst glance, this appears to con-
tradict the regional analysis over land in Yoshimori
et al. (2005) in which temperature generally shows a
much better signal-to-noise ratio than precipitation.
This is because the ensemble spread in temperature is
pronounced mainly over the ocean. The zonal mean
P  E shows a decrease in the tropics (5N) and high
latitudes (50–90), and an increase in the subtropics
and mid latitudes (20–50). Again, this implies a re-
duced meridional moisture transport from the subtrop-
ics and mid-latitude to the tropics and to high latitudes
although the magnitude is much smaller than SMM–
CTRL due to the weaker forcing.
Precipitation and evaporation changes are mainly
determined by precipitation changes in the tropics and
by evaporation changes in the subtropics (Fig. 4a, c).
Evaporation shows relatively uniform reductions while
precipitation changes exhibit a distinct meridional
structure. The reduced evaporation in the subtropics
does not result in the reduction of precipitation there,
but in the tropics. Also, the sign of the precipitation
change in the subtropics is marginally positive in spite of
the evaporation decreases there. The diﬀerence in P  E
in SMM–CTRL exhibits little seasonal variations
whereas TMM–SMM varies with seasons (Fig. 4b, d).
This contrast in pattern suggests that the dominant
mechanism associated with the P  E change in SMM–
CTRL may be diﬀerent from TMM–SMM, and that the
dominant mechanism for SMM–CTRL works in all
seasons.
As described in Sect. 3, the meridional moisture
transport is investigated by decomposing it ﬁrst into a
time-mean and a transient eddy component. As ex-
pected, the time-mean component dominates over the
transient eddy component in the moisture transport in
low latitudes (20S–20N, Fig. 5a, c). On the contrary,
the two components are comparable in mid latitudes.
The transient eddy component exhibits diﬀerent re-
sponse patterns between SMM–CTRL and TMM–
SMM, in addition to the magnitude. In the former, the
poleward transient eddy moisture transport decreases in
both hemispheres while it increases in the latter. In both
cases, eddy activity, indicated by eddy kinetic energy,
increases in lower and mid troposphere throughout the
year (not shown). In SMM–CTRL, however, a strong
cooling in low latitudes results in a larger reduction of
the meridional gradient of atmospheric water vapor
content, which leads to the net reduction of moisture
transport even with the enhanced eddy mixing.
A further decomposition of the time-mean compo-
nent in SMM–CTRL reveals the dominance of the eﬀect
of the speciﬁc humidity change in the tropics (Fig. 5b).
Near the equator, however, there is a non-negligible
eﬀect of the circulation change. Colder temperature in
the SMM simulation leads to a lowered saturation spe-
ciﬁc humidity according to the Clausius–Clapeyron
relation while the relative humidity stays at similar lev-
els, resulting in a reduced speciﬁc humidity (cf. Genfo
et al. 1991; Held and Soden 2000; Wentz and Schabel
2000). Since the meridional circulation transports
moisture from the subtropics to the tropics, the reduc-
tion of speciﬁc humidity or atmospheric water vapor
content results in a reduction of meridional moisture
transport. The dominance of the eﬀect of the speciﬁc
humidity change over the circulation change is consis-
tent with the fact that changes in P  E occur similarly
in all seasons as depicted in Fig. 4b. It may be worth
noting that the stationary eddy contribution is dominant
in the time-mean component in the Northern Hemi-
sphere mid latitudes, suggesting that the interpretation
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of hydrological proxy records in these latitudes requires
the consideration of both transient and stationary eddy
transport processes. Note also that the contribution of
the covariance term to the meridional moisture trans-
port is small.
The decomposition of the time-mean component in
TMM–SMM shows a rather diﬀerent picture
(Fig. 5d). In this case, the eﬀects of speciﬁc humidity
and circulation changes have comparable magnitudes
although the structure is quite diﬀerent. Note that the
meridional structure of moisture transport change
due to the speciﬁc humidity change is similar to
SMM–CTRL (Fig. 5b). Again, the stationary eddy
contribution is large in the Northern Hemisphere mid
latitudes, and the covariance term is small. While it is
tempting to further explore the mechanism of the
circulation change, it is not eﬃciently described in the
zonal mean analysis because the circulation change is
not zonally symmetric. This point is addressed in the
next section.
4.2 Horizontal moisture transport
The annual mean P  E and vertically-integrated
horizontal moisture transport for SMM–CTRL are
shown in Fig. 6a, b, respectively. The P  E diﬀerence
reﬂects overall decreased precipitation in the tropics
and high latitudes, and increased evaporation in the
subtropics, as already seen in the zonal mean analysis.
Main structures of P  E in Fig. 6a are reproduced by
the convergence of the horizontal moisture transport in
Fig. 6b, ensuring the accuracy of the analysis. One of
the most prominent features in Fig. 6b is reduced
a b
c d
Fig. 4 Zonal mean surface moisture ﬂuxes: a annual mean
diﬀerence in P  E, P (precipitation), and E (evaporation) between
the SMM and CTRL simulations; b seasonal mean P  E
diﬀerences between the SMM and CTRL simulations; c annual
mean diﬀerence in P  E, P, and E between the TMM ensemble
mean and the SMM simulation; and d seasonal mean P  E
diﬀerences between the TMM ensemble mean and the SMM
simulation
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westward and northeastward moisture transport in the
tropics and Northern Hemisphere mid latitudes,
respectively. The change in mid-latitude moisture
transport is partly due to the reduced atmospheric
water vapor content, but also consistent with weaken-
ing of Aleutian and Icelandic lows, particularly in
winter, accompanied by elevated Arctic sea level pres-
sure (i.e., low index state of Arctic Oscillation—AO).
This negative AO is accompanied by a strong cooling
in the tropical upper troposphere and hence smaller
meridional temperature gradient at that level. Another
feature is that large changes in moisture transport oc-
cur mainly over the ocean, consistent with Fig. 3b.
Note that there is a strong reduction of moisture
transport from the Atlantic to the Paciﬁc in the tropics.
The total moisture transport change in Fig. 6b is
decomposed into the time-mean and transient eddy
components. The time-mean component for SMM–
CTRL is further decomposed (cf. Sect. 3). Figure 7a–c,
respectively, shows the eﬀect of changes in speciﬁc
humidity, circulation, and the covariance of the two on
the time-mean component of the moisture transport. It
is clear that the speciﬁc humidity change is a dominant
factor for the change in the time-mean component in
most regions. In the northeastern and southwestern
tropical Paciﬁc, however, eﬀects of speciﬁc humidity and
circulation changes have comparable magnitudes. Since
the speciﬁc humidity decays exponentially with altitude
in the atmosphere, the circulation-derived moisture
transport changes in these region reﬂect a weakening of
a b
c d
Fig. 5 Decomposition of zonally-integrated meridional moisture
transport: a time-mean and transient eddy contributions in the
diﬀerence between the SMM and CTRL simulations; b decompo-
sition of the time-mean component in the diﬀerence between the
SMM and CTRL simulations; c time-mean and transient eddy
contributions in the diﬀerence between the TMM and SMM
simulations; and d decomposition of the time-mean component in
the diﬀerence between the TMM and SMM simulations. See Sect. 3
for details of the decomposition
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trade winds, consistent with Fig. 5b. The contribution of
the covariance term on the moisture transport is gener-
ally small. The speciﬁc humidity change contributes to
the divergence of horizontal moisture transport, i.e.,
reduction in P  E, in the western tropical Paciﬁc and
the convergence in the eastern tropical Paciﬁc. The cir-
culation change contributes to the equatorial divergence
and oﬀ-equatorial convergence in the Paciﬁc. It is worth
noting that the individual eﬀects of speciﬁc humidity and
circulation changes on the convergence counteract each
other in some regions such as Africa, South America,
and the Indian and subtropical Atlantic Oceans. This
implies that any inferences from proxy records in these
regions for the change in either speciﬁc humidity or
circulation alone may result in the underestimation of
the magnitude.
The annual mean P  E and vertically-integrated
horizontal moisture transport for TMM–SMM are
shown in Fig. 8a, b, respectively. P  E exhibits more
zonally-asymmetric structure than SMM–CTRL. Some-
what similar to Fig. 6b, westward and eastward moisture
transports are reduced in the tropics and mid latitudes,
respectively. The magnitude of the changes is, however,
3–4 times smaller than SMM–CTRL. In contrast to
SMM–CTRL, TMM–SMM does not exhibit changes in
AO, and the change in mid-latitude moisture transport is
not related to its phases. Again, the moisture transport
from the Atlantic to the Paciﬁc decreases.
The time-mean component for TMM–SMM is fur-
ther decomposed (cf. Sect. 3). Figure 9a–c, respectively,
shows the eﬀect of changes in speciﬁc humidity, circu-
lation, and the covariance of the two on the time-mean
component of the moisture transport. In contrast to
SMM–CTRL, the eﬀect of circulation changes shows a
comparable or even larger magnitude to the eﬀect of
speciﬁc humidity changes in many regions. The covari-
ance term shows a relatively large contribution to the
meridional moisture transport, causing a large moisture
divergence in the western tropical Paciﬁc and Indian
Ocean. This implies that care must be exercised to
attribute proxy records in these regions to the change in
either speciﬁc humidity or circulation alone. Note that
the contribution of the covariance term on the poleward
moisture transport around 20 latitudes in the western
tropical Paciﬁc is counteracted by the equatorward
moisture transport due to speciﬁc humidity change,
resulting in little net meridional ﬂuxes, as also seen in the
next section in more detail.
a
b
Fig. 6 The annual mean
diﬀerence between the SMM
and CTRL simulations:
a P  E (mm day1); and
b vertically-integrated
horizontal moisture transport
(kg m1 s1), and its
convergence (mm day1). The
locations, where the probability
of falsely rejecting the null
hypothesis is larger than 5%
(Student’s t-test), are stippled in
a. Here the null hypothesis
states that the means of the two
simulations are equal. Note that
small diﬀerences between
P  E in a and convergence in
b are mainly due to the use of
vertical and horizontal
interpolations in calculating the
convergence
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4.3 Moisture budget of western tropical Paciﬁc
In order to help interpret the changes recorded in a
proxy and to understand from where the moisture
originates, a regional moisture budget analysis is con-
ducted. The reconstructed sea surface temperature (SST)
based on coral cores from the Great Barrier Reef, Aus-
tralia, correlates reasonably well with the observed SST
in a large region of western tropical Paciﬁc (20S–20N,
120E–170W) over the past 120 years (Hendy et al.
2002). However, the extent to which the proxy data
represent regional, larger scale salinity changes is not
known. Nevertheless, in our analysis we choose the same
region as taken for SST. Figure 10a, b shows the dif-
ferences in sea surface temperature and salinity between
the TMM ensemble mean and CTRL simulations. Large
cooling and high salinity anomalies are seen in a large
area of the western tropical Paciﬁc. The proxy record
exhibits more saline conditions during the Maunder
Minimum (about 0.23 per mil. higher oxygen isotope
ratio compared to the modern, 1950–1985 mean value).
The current model is not capable of properly simulating
the climate in the exact same location where the cores
were extracted. For example, the grid point which con-
tains the core location (18S, 146E) is deﬁned as land in
the model, and the land-sea mask or coastlines are dif-
ferent between the atmospheric and ocean model com-
ponents due to the diﬀerent resolution. Averaging the
relatively large area avoids the ‘‘one-grid point problem’’
and has the advantage that the signal-to-noise ratio is
expected to increase, and hence the results are less sub-
ject to internal model variability (Stott and Tett 1998).
a
b
c
Fig. 7 Diﬀerence in the
vertically-integrated time-mean
component of the horizontal
moisture transport between the
SMM and CTRL simulations
(kg m1 s1), and its
convergence (mm day1):
a contribution of the speciﬁc
humidity change, (uDq, vDq);
b contribution of the circulation
change, (qDu, qDv); and
c covariance between speciﬁc
humidity and circulation
(DuDq, DvDq)
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The SMM simulation exhibits higher salinity than the
CTRL simulation by about 0.24 psu in the western
tropical Paciﬁc. The moisture budget of this region in
the CTRL simulation and SMM–CTRL are summarized
in Table 1. The analysis of surface moisture ﬂuxes shows
that the increased salinity in SMM–CTRL is explained
by the decreased precipitation rather than the increased
evaporation. The change in convergence of the lateral
moisture ﬂuxes is dominated by the increased net east-
ward moisture transport (or reduced westward moisture
transport) at the eastern boundary of the region. This
indicates that the proxy record likely represents zonal,
rather than meridional, moisture transport changes. The
large changes in zonal moisture transport at the eastern
boundary of the region in SMM–CTRL is related to the
dominance of this term in the CTRL simulation.
The decomposition of the moisture ﬂuxes into the
time-mean and transient eddy components shows that
the convergence of zonal moisture ﬂuxes is explained
almost entirely by changes in the time-mean component.
The change in the time-mean component of the zonal
moisture transport at the eastern boundary of the region
is quasi-symmetric about the equator as illustrated by a
vertical proﬁle (Fig. 11a and also Fig. 6b). The zonal
moisture transport change is dominated by the contri-
bution of speciﬁc humidity change with a small contri-
bution of zonal wind change (Fig. 11b), consistent with
Fig. 7a, b. The speciﬁc humidity change mainly occurs
in the lower troposphere (Fig. 11c), which is expected
from the fact that the water vapor is concentrated there
in the present-day climate. The reduction of speciﬁc
humidity is explained by the colder temperature in the
SMM simulations relative to the CTRL simulations.
Contrary to the speciﬁc humidity change, the zonal wind
change is observed throughout lower- to mid-tropo-
sphere (Fig. 11d), which mainly reﬂects the weakening
of trade winds in summer at this longitude as shown
later.
The TMM ensemble simulations exhibit higher
salinity than the SMM simulation by about 0.036 psu in
the mean, with a standard deviation of about 0.025 psu,
in the western tropical Paciﬁc. Analyzing all ensemble
members separately, each member shows higher salinity
than the SMM simulation. Thus, the simulated salinity
anomaly is an externally-forced signal rather than a
mere coincidence. The analysis of surface moisture
a
b
Fig. 8 The annual mean
diﬀerence between the TMM
ensemble mean and the SMM
simulation: a P  E
(mm day1); and b vertically-
integrated horizontal moisture
transport (kg m1 s1), and its
convergence (mm day1). The
locations, where mean changes
are smaller than one standard
deviation of intra-ensemble
members, are stippled in a.
Note that small diﬀerences
between P  E in a and
convergence in b are mainly due
to the use of vertical and
horizontal interpolations in
calculating the convergence
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ﬂuxes in the TMM ensemble mean shows that the in-
creased salinity is explained by decreased precipitation
rather than by increased evaporation (Table 2). It is also
clear that the reduced horizontal moisture convergence
is mainly due to the reduced convergence of zonal, ra-
ther than meridional, moisture transport. Furthermore,
the change in the zonal convergence is caused by the
reduced westward moisture transport at the eastern
boundary of the region. All but one ensemble member
show this behavior.
As in the case for SMM–CTRL, the decomposition
of the moisture ﬂuxes into the time-mean and transient
eddy components shows that the convergence of zonal
moisture ﬂuxes is explained almost entirely by changes
in the time-mean component. Changes in zonal moisture
transport at the eastern boundary of the region is
predominant in the northern half of the region from 0
to 20N as illustrated by a vertical proﬁle (Fig. 12a).
This is in contrast to Fig. 11a in which the transport is
equally contributed by the northern and southern half of
the region. Therefore, we focus on the northern part of
the selected region in the western tropical Paciﬁc. The
contribution of zonal wind changes to zonal moisture
transport changes is larger than that of speciﬁc humidity
changes (Fig. 12b). This is also in contrast to Fig. 11b,
in which the speciﬁc humidity change makes a dominant
contribution. The reduction of speciﬁc humidity occurs
mainly in the lower troposphere, while the zonal wind
change is seen throughout the lower- to mid-troposphere
(Fig. 12c, d). The reduction of speciﬁc humidity is again
explained by the colder temperature in the TMM sim-
ulations due to reduced solar irradiance and the presence
a
b
c
Fig. 9 Same as in Fig. 7 but for
the diﬀerence between the
TMM and SMM simulations
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of volcanic eruptions relative to the SMM simulation.
The speciﬁc humidity change in TMM–SMM is much
smaller than SMM–CTRL (Figs. 11c, 12c), consistent
with much smaller temperature diﬀerences (Fig. 3a, c).
Note that the similar magnitude of the trade wind
changes at this longitude between Figs. 11d and 12d is
due to the diﬀerence in the latitudinal extent in the
meridional average.
It is shown that the zonal wind change at 170W is a
dominant factor in determining the moisture budget in
TMM–SMM, whereas it plays only a minor role in
SMM–CTRL. In order to obtain a complete picture of
the hydrological response of the model, we further
investigate the mechanism of the zonal wind changes.
Near-surface zonal wind at about 170W shows the
strongest changes in boreal summer for both SMM–
CTRL and TMM–SMM. Figure 13a shows the diﬀer-
ence in near-surface wind velocity superimposed on the
vertical pressure velocity in August for SMM–CTRL. It
is clearly depicted that the large zonal wind changes
occur as a part of weakened trade winds: southwesterly
anomaly for the northeasterly trade in oﬀ-equatorial
northern tropical latitudes and northwesterly anomaly
for the southeasterly trade in oﬀ-equatorial southern
tropical latitudes. It also shows that the northern
anomaly is larger. Figure 13b shows the diﬀerence in
near-surface wind velocity and vertical pressure velocity
in July for TMM–SMM. This ﬁgure exhibits similar
features to Fig. 13a, i.e., weakening of trade winds and
near-equatorial convergence, and increased downward
wind velocity. However, the trade wind anomaly is only
evident in the northern tropical latitudes.
The zonally-integrated streamfunction shows that the
Hadley circulation weakens in TMM–SMM annual
mean in the northern cell, although changes in the
southern cell are relatively noisy (not shown). The
weakening of the ascending branch of the Hadley cir-
culation near 5–15N was thought to be associated with
the weakening of trade winds in Yoshimori et al. (2005).
However, weaker trade winds in the tropical Paciﬁc
during summer do not necessarily mean that the zonal-
mean Hadley circulation is weaker. In SMM–CTRL, for
example, the Hadley circulation is stronger in summer,
while the northern cell is weaker in the annual mean.
One complication is that the zonal-mean picture does
not necessarily represent the tropical Paciﬁc circulation
alone. More importantly in this case, however, changes
in vertical velocity in Fig. 13 indicate that the weakening
of trade winds is linked to the decrease and increase of
convective activity in western equatorial Paciﬁc and
northeastern tropical Paciﬁc, respectively. This shift is
consistent with changes in SST in such a way that the
convection shifts from the region of stronger cooling
near the equator to less cooling oﬀ the equator
(Fig. 10a, and also see ocean-only in Fig. 3a, c). Chan-
ges in convective region are accompanied by changes in
low-level convergence, i.e., trade winds (cf. Lindzen and
Nigam 1987). The SST responses to external forcing are,
however, possibly model-dependent (Collins and The
CMIP Modelling Groups 2005). As the moisture budget
in TMM–CTRL is dominated by the eﬀect of speciﬁc
humidity change, we consider the main result to be ro-
bust with respect to SST pattern changes.
The west–east temperature gradient in the equatorial
Paciﬁc decreases in SMM–CTRL as strongly reﬂected in
TMM–CTRL in Fig. 10a, but the spatial pattern does
not suggest a linkage to ENSO variability. The ensemble
mean west–east temperature gradient in the equatorial
Paciﬁc increases in TMM–SMM, but this is not a robust
response as three members show decreases, two mem-
bers show increases, and one member does not show a
monotonic gradient. Note also that the model exhibits
too regular ENSO cycles, i.e., strong 2-year periodicity
(e.g., NINO3 index), and this behavior does not change
in any of the experiments. This is a deﬁciency of the
model in that it does not produce a realistic broad-band
ENSO variability, and the model ENSO seems to be
rather insensitive to the background climate change
imposed here. This point needs to be veriﬁed or falsiﬁed
by models with more realistic ENSO simulations.
4.4 Comparisons with hydrological proxy records
It is of great interest to examine model-simulated
hydrological response with other available hydrological
proxy records. We restrict our comparisons to relatively
a
b
Fig. 10 Diﬀerences between the TMM ensemble mean and CTRL
simulation: a sea surface temperature (C) with a contour interval
of 0.05C; and b sea surface salinity with a contour interval of 0.1
psu. Negative contours are represented by dashed lines
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low-latitude proxy records that cover at least part of the
Maunder Minimum period. In Fig. 6a, the locations,
where the externally forced annual mean P  E signal is
not statistically distinguishable from the model-gener-
ated internal variability, are stippled. In Fig. 8a, on the
other hand, the locations, where the externally forced
signal is not distinguishable from the intra-ensemble
spread, are stippled. Although not shown, precipitation
and soil moisture are also examined in the same way
when appropriate for some proxy records.
Summer drought area fraction in the western half of
the USA based on tree-ring records indicates relatively
wet conditions in the seventeenth and eighteenth cen-
turies and increasing aridity in the twentieth century
(Cook et al. 2004). Although not limited to summer,
precipitation reconstructions of northwest New Mexico
(October–July), southern Colorado Plateau (annual
mean), and Wyoming (annual mean) seem to suggest, on
the other hand, drier conditions during the Maunder
Minimum compared to the last couple of decades
(Grissino-Mayer 1996; Gray et al. 2004; Salzer and
Kipfmueller 2005). Also, annual mean precipitation
reconstruction from Nevada indicates a distinct dryness
during the Maunder Minimum (Hughes and Graumlich
1996). While increased P  E in the western USA in
TMM–SMM (annual mean as well as summer) is
somewhat consistent with Cook et al. (2004), the dif-
ference is not statistically signiﬁcant in SMM–CTRL.
Similarly, soil moisture suggests wetter conditions
in TMM–SMM, but it does not stand out for
a b
c d
Fig. 11 Vertical proﬁles of the diﬀerence between the SMM and
CTRL simulations at the eastern boundary of the western tropical
Paciﬁc region: a zonal moisture ﬂux in northern and southern parts
of the region; b decomposition of the zonal moisture ﬂux (here the
angle bracket, <>, denotes meridional integration between 20S
and 20N); c speciﬁc humidity changes averaged between 20S and
20N; and d zonal wind changes averaged between 20S and 20N.
Shadings represent 95% conﬁdence intervals for the estimate of the
mean diﬀerences calculated with the Welch approximation
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SMM–CTRL because areas of wetter and drier condi-
tions approximately cancel out when averaged over
western half of the USA.
Lake sediment records from tropical east Africa and
Yucatan Peninsula in Mexico both show wetter condi-
tions during the period of reduced solar activity
including Maunder Minimum (Verschuren et al. 2000;
Hodell et al. 2001) while winter precipitation recon-
structions based on tree-ring record from Mexico do not
show such changes during the Maunder Minimum (Dı´az
et al. 2002; Cleaveland et al. 2003). Both P  E and soil
moisture diﬀerence in these two locations in TMM–
SMM is within the range of internal variability. The
marine sediment record from Cariaco Basin in the
southern Caribbean implies stronger trade-wind-driven
upwelling (Black et al. 1999), and reduced runoﬀ and
precipitation during LIA with an ampliﬁcation during
the Maunder Minimum (Haug et al. 2001, 2003). Sim-
ulated changes (SMM–CTRL) are inconsistent with
these changes. A marine sediment record from Oman
margin in Arabian Sea exhibits increasing strength of
Asian southwest monsoon from the seventeenth to
twentieth centuries (Anderson et al. 2002; Gupta et al.
2003). These records are consistent with the simulated
weaker monsoon and reduced precipitation in India,
particularly in summer, in both SMM–CTRL and
TMM–SMM (not shown but the trace can be seen in
the annual mean, Figs. 6b, 7b). Ice core records from
Quelccaya in Peru show increased net accumulation and
hence precipitation between 1500 and 1720, followed by
a dry period from 1720 to 1860 (Thompson et al. 1985).
There is no such indication in our simulations, but it
should be noted that the model resolution is far too
coarse to expect a reasonable representation of climate
in high altitude regions such as the Andes. Furthermore,
it is debated whether the oxygen isotope record from
tropical ice caps is a proxy for temperature or rather
precipitation (Thompson et al. 1986; Hoﬀmann et al.
2003). Assuming the latter, the record indicates a much
longer wet period from 1530 to 1900 (Hoﬀmann 2003).
There are also precipitation reconstructions from other
regions such as China, Mongolia, Turkey, Iowa, and
Southeastern USA, but these reconstructions do not
show signiﬁcant changes during the Maunder Minimum
relative to the long-term pre-industrial or industrial
means (Hughes et al. 1994; Pederson et al. 2001; D’Arr-
igo andCullen 2001; Touchan et al. 2003; Cleaveland and
Duvick 1992; Stahle and Cleaveland 1992).
The evaluation of the model performance by these
comparisons are inconclusive for several reasons.
Firstly, as discussed in more detail in the next section,
the uncertainty in magnitude and spatial pattern of
forcing history, and its representation in the model is
not negligible. More constraints are needed to attribute
the similarities and diﬀerences of model-data compari-
sons to the model performance. Secondly, the model-
simulated responses in many locations are generally
indistinguishable from the internal variability, not only
for TMM–SMM but also for SMM–CTRL. Therefore,
it is necessary to obtain some idea about whether proxy
records represent local or large scale signals to evaluate
the signal-to-noise ratio in the model. In most cases,
however, it is not yet clear for which spatial extent the
reconstructed hydrological data are representative. This
is partly due to the sparseness of the global hydrolog-
ical proxy records. Establishing of a dense network
of proxy records and synthesized dataset would be
desirable.
5 Discussion
In this study as well as other modeling studies on the
climate of the last millennium, uncertainties reside in
every step taken: forcing, model, and climate recon-
structions. It is important to stress such uncertainties,
because the results are sensitive to them. In particular,
the eﬀect of speciﬁc humidity on the moisture conver-
gence is closely related to the surface air temperature via
the Clausius–Clapeyron equation. We explore the major
uncertainties in the following.
In our forcing data, the eﬀect of some forcing agents
such as changes in ozone and aerosol concentrations are
not included. According to the IPCC TAR estimate of
the global-mean radiative forcing between years 2000
and 1750 (Ramaswamy et al. 2001), it appears that at
least part of these forcings cancel out owing to positive
(e.g., tropospheric ozone and black carbon) and negative
(e.g., sulfate aerosols) forcing agents. Due to the large
uncertainty in the estimate, however, even the sign of the
sum of the forcing due to ozone and the direct eﬀect of
tropospheric aerosols is not clear. The IPCC TAR esti-
mate of the radiative forcing for the indirect eﬀect of
tropospheric aerosols for the same period ranges from
2 to 0 Wm2 (see also Anderson et al. 2003). As
pointed out by Rind et al. (2004), the magnitude of the
eﬀect of tropospheric aerosols, especially the indirect
eﬀect, could have a profound inﬂuence on the total
radiative forcing between the Maunder Minimum and
Table 2 Diﬀerence in annual moisture budget in the western
tropical Paciﬁc between the TMM and SMM simulations
(106 kg s1)
Variable Mean STD
Precipitation (P) 17.2 7.8
Evaporation (E) 4.2 1.6
P  E 12.9 6.7
FW 9.4 9.9
FE 19.4 9.1
FS 6.2 3.0
FN 2.6 3.4
FW  FE 10.0 7.7
FS  FN 3.6 4.8
FW  FE + FS  FN 13.6 6.6
The mean and standard deviation (STD) are calculated for the
diﬀerence between the TMM ensemble members and the SMM
simulation. The dominant term in the lateral moisture ﬂuxes is
highlighted by bold
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present-day, and hence our understanding of the climate
during that period. Hansen et al. (2005b) estimated the
radiative forcing as 1.51 Wm2 for the same period as
IPCC TAR without solar and volcanic forcing, and
1.54 Wm2 when the ‘‘eﬃcacy’’ of each forcing agent in
changing the global-mean surface air temperature is ta-
ken into account. Therefore, the magnitude of the GHG
radiative forcing of about 2.2 Wm2 imposed for
SMM–CTRL in the present study might be overesti-
mated when other forcing agents are ignored, and result
in producing a cold-biased climate. If the estimate of
Hansen et al. (2005b) is correct, the current model
would overestimate the cooling by as much as 0.5C. In
addition, regional inﬂuence of the ignored forcings could
be much larger, particularly over land. As stated in
Sect. 1, Rind et al. (2004) updated the uncertainty of
about a factor of 8 in solar forcing (0.05–0.4% or 0.12–
0.96 Wm2, assuming TSI of 1,367 Wm2 and the
planetary albedo of 0.3) during the Maunder Minimum
relative to the present. While we note that the magnitude
of solar radiative forcing of 0.33 Wm2 imposed for
SMM–CTRL is very close to the value of 0.30 Wm2
estimated between years 2000 and 1750 by Hansen et al.
(2005b), recent reconstructions tend to favour smaller
values. When the magnitude of total forcing in SMM–
CTRL is considered, our forcing of about 2.5 Wm2 is
less than, but close to, the upper limit of the uncertainty
range in the estimated eﬀective radiative forcing
(1.80 ± 0.85 Wm2) for the period between years 2003
and 1880 by Hansen et al. (2005a).
a b
c d
Fig. 12 Vertical proﬁles of the diﬀerence between the TMM and
SMM simulations at the eastern boundary of the western tropical
Paciﬁc region: a zonal moisture ﬂux in northern and southern parts
of the region; b decomposition of the zonal moisture ﬂux (here the
angle bracket, <>, denotes meridional integration between 0 and
20N); c speciﬁc humidity changes averaged between 0 and 20N;
and d zonal wind changes averaged between 0 and 20N. Shadings
represent ± 1 standard deviation of the TMM ensemble members
centered on its mean
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There are at least two types of uncertainties in the
model simulations. In both the CTRL and SMM sim-
ulations, the analyzed data are taken from the quasi-
steady state under the perpetual AD 1990 and 1640
forcing, and the TMM simulations start from the quasi-
steady state of the SMM simulation. Therefore, SMM–
CTRL and hence TMM–CTRL contains the so-called
‘‘committed’’ climate change which has not been expe-
rienced by the real climate system. Based on the radia-
tive imbalance, Hansen et al. (2005a) estimated that the
earth is presently committed to warm up by about 0.6C
even if the atmospheric composition and other climate
forcings remain the same. Similarly, Weaver et al. (2000)
demonstrated that a transient simulation, starting from
6,000 years ago, is about 0.5C colder today than the
equilibrium present-day simulation. This means that the
use of perpetual AD 1990 simulation as a reference
introduces a bias into the results. It is, therefore, possible
that SMM–CTRL and hence TMM–CTRL exaggerate
the climate diﬀerence between the Maunder Minimum
and present-day recorded in proxy records by including
the committed climate change. Similarly, the forcing
prior to AD 1640, which is missing in the simulations,
could have an impact on the proxy records after that
time. The exploration of this type of uncertainty is not
done in the present study and left for future studies. The
multi-century transient simulations would greatly reduce
this error, but still ‘‘deﬁning suitable initial conditions is
extremely tricky and laborious’’ as stated in Schmidt
et al. (2004). Another type of uncertainty, not unique to
the time period of interest here, is the climate sensitivity
of the model. Crowley (2000), setting the climate sensi-
tivity of 2C for a doubling of CO2, demonstrated that
an energy balance model reproduces some of the
reconstructed global temperature records over the last
millennium fairly well. Shindell et al. (2001b), on the
other hand, demonstrated that Northern Hemisphere
regional climate change during the Maunder Minimum
is captured via dynamical feedback using a GCM with
the climate sensitivity of 4.5C. The IPCC TAR esti-
mated the approximate range of climate sensitivity as
1.5–4.5C, although Knutti et al. (2002; 2006) suggest
the range could be larger. A rough estimate of the cli-
mate sensitivity of the present model is about 2.5C, and
m/s
m/s
a
b
Fig. 13 a Near-surface wind
velocity indicated by the arrows
(m s1) and vertical pressure
velocity averaged over the lower
troposphere from 1,000 to
500 hPa with a contour interval
of 2.0 (· 103 Pa s1) in the
diﬀerence between the SMM
and CTRL simulations in
August. Note that vertical
pressure velocity directs
downward with positive values.
Zero contours are omitted;
b same as in a but for the
diﬀerence between the TMM
ensemble mean and the SMM
simulation in July with a
contour interval of
1.0 (· 103 Pa s1)
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it is possible that the model produces a slightly conser-
vative response in terms of temperature. Note that the
uncertainties associated with commitment and climate
sensitivity are not independent because the commitment
depends on the climate sensitivity (Hansen et al. 2005a).
As stated brieﬂy in Sect. 1, the hemispheric-scale
temperature reconstructions do not agree with respect to
the low-frequency or multi-centennial scale variability.
While Moberg et al. (2005) argue that high temperature
similar to the twentieth century occurred in the eleventh
century, Osborn and Briﬀa (2006) seem to suggest that
the twentieth century warming stands out over the last
1,200 years. The three diﬀerent reconstructions suggest
about 0.3C (Mann et al. 1999), 0.7C (Esper et al.
2002), and 0.6C (Moberg et al. 2005) for the North-
ern Hemisphere temperature during the Maunder Min-
imum relative to the 1960–1990 mean. As the Northern
Hemisphere temperature around the year 1990–2000,
which is close to our control simulation, is roughly 0.4C
warmer than the reference period of 1960–1990 (Jones
and Mann 2004, Fig. 2), these three reconstructions
seem to suggest that the Northern Hemisphere mean
cooling for TMM–CTRL should be about 0.7–1.1C.
However, the uncertainty range suggested by individual
reconstructions are also large, and even larger than
suggested by the spread of these reconstructions. For
example, the uncertainty range (± 2r errors) is about
0.5C in Mann et al. (1999) during the Maunder Mini-
mum on average, and much larger in Esper et al. (2002,
Fig. 3). Note that it is pointed out by Osborn and Briﬀa
(2006) that these uncertainty estimates are either
incomplete or probably underestimated. Nevertheless,
the simulated cooling in the mean TMM–CTRL is
1.8C, and appears to be too large. This large cooling is
probably a result of the relatively large forcing imposed
and the inclusion of committed climate change in the
analysis. The removal of committed climate change of
0.6C brings the value much closer to the reconstruc-
tions, illustrating the limitation of the experiments fo-
cused only on a certain time window.
Keeping these uncertainties in mind, it is demon-
strated that the decomposition of moisture ﬂuxes into
the contributions of local speciﬁc humidity and wind
velocity changes is useful to obtain an idea of dominant
mechanisms controlling hydrological response patterns.
In the present analysis, the local correlation between
speciﬁc humidity and wind velocity is also taken into
account. Along with the strength of this approach, there
is a potential caveat. The distribution of atmospheric
water vapor is undoubtedly linked to large-scale atmo-
spheric circulation. Hence, local speciﬁc humidity
changes may be indirectly controlled by the large-scale
or remote circulation changes as well as local tempera-
ture changes. Therefore, these two contributions are not
independent and cannot be separated completely. Nev-
ertheless, the notion that local speciﬁc humidity strongly
depends on the local temperature associated with
the Clausius–Clapeyron relation, and that itself has a
large potential inﬂuence on proxy records, is important.
In other words, hydrological proxy records contain both
dynamical and thermal inﬂuences. Therefore, they
should not be interpreted, by themselves, as proxies for
the past circulation changes. By the same token, circu-
lation changes could be masked by the speciﬁc humidity
eﬀect in proxy records. In the zonal mean analysis, for
example, if proxy records suggest wetter conditions in
the tropics and drier conditions in the subtropics in the
colder climate, it is possible that they are strongly linked
to the change in the strength of the Hadley circulation.
In such a case, the inferred circulation change could be
even underestimated by the counteracting eﬀect of the
speciﬁc humidity change on the meridional moisture
transport. By examining carefully such a complication,
we would obtain a clearer picture of changes in the past
hydrological cycle and atmospheric circulation.
A hypothesis is given in the present study with respect
to the interpretation of the proxy record from the wes-
tern tropical Paciﬁc: higher salinity during the Maunder
Minimum compared to the late nineteenth and twentieth
centuries can be explained, for a large part, by the
reduction in precipitation caused by the reduced atmo-
spheric moisture content in the tropical Paciﬁc in the
cold climate. One important aspect yet to be explored is
that the record also shows continuous high salinity after
the Maunder Minimum to the mid-nineteenth century
when the temperature proxy from the same core indi-
cates warm conditions. This absence of cooling is ar-
gued, by Mann et al. (2005), as supporting evidence of
an increased El Nin˜o-like state responding to the re-
duced solar and increased volcanic activity (cf. Adams
et al. 2003). While the reason for the inconsistency be-
tween the Maunder Minimum and the following two
centuries is not clear, it is possible that diﬀerent pro-
cesses are responsible for the salinity changes in these
two periods. Our simulations only cover the Maunder
Minimum period, and hence the interpretation on this
aspect is limited. The multi-century transient simulations
are, however, currently underway.
6 Summary
Three types of experiments are carried out using a
coupled AOGCM: a present-day control, a perpetual
AD 1640, and an ensemble of six transient Maunder
Minimum (AD 1640–1715) simulations. Changes in the
hydrological cycle are described in terms of meridional
distribution of moisture, horizontal moisture transport,
and moisture budget of a speciﬁc region. The mecha-
nisms for the simulated diﬀerence between precipitation
and evaporation or convergence of moisture transport
are investigated by decomposing it into various contri-
butions such as transient eddy, speciﬁc humidity change,
circulation change, and the covariance of speciﬁc
humidity and circulation. Most results are presented as
the diﬀerence between the long-term pre-industrial mean
and the present-day (SMM–CTRL), and the diﬀerence
between the Maunder Minimum and the pre-industrial
510 M. Yoshimori et al.: Maunder Minimum AOGCM simulations
mean (TMM–SMM). The link between model output
and proxy records can be sensitive to uncertainties in
forcing reconstructions, climate sensitivity and climate
reconstructions, and performed time-window experi-
ments. Thus, the following conclusions are not deﬁni-
tive, but they have important implications for the
interpretation of the low-latitude hydrological proxy
records possibly beyond the Maunder Minimum period:
• The P  E change in TMM–SMM is an order of
magnitude smaller than in SMM–CTRL. Therefore,
the change from the Maunder Minimum to the pres-
ent-day reconstructed from proxy data are expected,
to ﬁrst order, to reﬂect the response of well-mixed
GHG forcing (SMM–CTRL).
• The zonal mean analysis reveals that it is diﬃcult to
infer the change in the Hadley circulation solely from
proxy records, because the thermal inﬂuence on
P  E is large.
• The analysis of horizontal moisture transport, for the
diﬀerence between the Maunder Minimum and the
present-day, shows that zonal transport is generally
large particularly in the tropics. Also, the convergence
of moisture transport in low latitudes is aﬀected by
both speciﬁc humidity and circulation changes.
• The moisture budget analysis in the western tropical
Paciﬁc reveals that the divergence of moisture trans-
port, for the diﬀerence between the Maunder Mini-
mum and the present-day, is caused mainly by the
reduction of westward moisture inﬂux from the east.
The reduction of zonal inﬂux is mainly due to the
speciﬁc humidity change.
• Although the model simulation captures the Asian
southwest monsoon response indicated by proxy re-
cords, comparisons with proxy records in other re-
gions do not provide further conﬁdence to the model
simulations. Reduction of forcing uncertainty and
synthesis of the hydrological proxy data are needed.
Due to the rich spatial variations in hydrological re-
sponse, moisture sensitive proxy records potentially oﬀer
a good test for the performance of climate models. Cli-
mate models, on the other hand, oﬀer an aid for the
interpretation of such proxy records. Although both
applications are severely limited by the existence of
several uncertainty factors, with enhanced model-proxy
data studies we will obtain more insight into the past
and potential future hydrological changes.
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